




The Atmosphere and Ocean





The Atmosphere and Ocean
A PHYSICAL INTRODUCTION

THIRD EDITION

Neil C. Wells
University of Southampton, UK

A John Wiley & Sons, Ltd., Publication



This edition first published 2012
 2012 by John Wiley & Sons, Ltd

Wiley-Blackwell is an imprint of John Wiley & Sons, formed by the merger of Wiley’s global Scientific,
Technical and Medical business with Blackwell Publishing.

Registered office: John Wiley & Sons, Ltd, The Atrium, Southern Gate, Chichester, West Sussex,
PO19 8SQ, UK

Editorial offices: 9600 Garsington Road, Oxford, OX4 2DQ, UK
The Atrium, Southern Gate, Chichester, West Sussex, PO19 8SQ, UK
111 River Street, Hoboken, NJ 07030-5774, USA

For details of our global editorial offices, for customer services and for information about how to apply
for permission to reuse the copyright material in this book please see our website at
www.wiley.com/wiley-blackwell.

The right of the author to be identified as the author of this work has been asserted in accordance with the
UK Copyright, Designs and Patents Act 1988.

All rights reserved. No part of this publication may be reproduced, stored in a retrieval system, or
transmitted, in any form or by any means, electronic, mechanical, photocopying, recording or otherwise,
except as permitted by the UK Copyright, Designs and Patents Act 1988, without the prior permission of
the publisher.

Designations used by companies to distinguish their products are often claimed as trademarks. All brand
names and product names used in this book are trade names, service marks, trademarks or registered
trademarks of their respective owners. The publisher is not associated with any product or vendor
mentioned in this book. This publication is designed to provide accurate and authoritative information in
regard to the subject matter covered. It is sold on the understanding that the publisher is not engaged in
rendering professional services. If professional advice or other expert assistance is required, the services
of a competent professional should be sought.

Library of Congress Cataloging-in-Publication Data

Wells, Neil.
The atmosphere and ocean : a physical introduction / Neil Wells. – 3rd ed.

p. cm.
Includes bibliographical references and index.
ISBN 978-0-470-69469-5 (cloth) – ISBN 978-0-470-69468-8 (pbk.)

1. Atmospheric physics. 2. Oceanography. I. Title.
QC861.3.W45 2011
551.5–dc23

2011016838

A catalogue record for this book is available from the British Library.

This book is published in the following electronic formats: ePDF 9781119994596; Wiley Online Library
9781119994589; ePub 9781119979845; Mobi 9781119979852

Typeset in 11/13pt Palatino-Roman by Laserwords Private Limited, Chennai, India

First Impression 2012

http://www.wiley.com/wiley-blackwell


Contents

Series Foreword ix
Preface to the Third Edition xi

1 The Earth within the Solar System 1
1.1 The Sun and its constancy 1
1.2 Orbital variations in solar radiation 4
1.3 Radiative equilibrium temperature 8
1.4 Thermal inertia of the atmosphere 10
1.5 Albedo 14
1.6 The topography of the Earth’s surface 18

2 Composition and Physical Properties
of the Ocean and Atmosphere 25
2.1 Evolution of the atmosphere and ocean 25
2.2 Present-day composition of sea water 29
2.3 Introduction to gases and liquids 31
2.4 Hydrostatic equilibrium 39
2.5 Adiabatic changes and potential temperature 41
2.6 Vertical stability of the ocean and atmosphere 46

3 Radiation, Temperature and Stability 53
3.1 Vertical variation of atmospheric constituents 53
3.2 The attenuation of solar radiation 58
3.3 Absorption of planetary radiation 65
3.4 Vertical temperature profile and its relation to radiation 67
3.5 The absorption of solar radiation in the ocean 75
3.6 Diurnal and seasonal temperature cycles in the ocean 78

4 Water in the Atmosphere 83
4.1 Introduction 83
4.2 The moist atmosphere 84
4.3 Measurement and observation of water vapour 86
4.4 Stability in a moist atmosphere 88
4.5 Processes of precipitation and evaporation:

The formation of clouds 94
4.6 Macroscopic processes in cloud formation 106



vi Contents

5 Global Budgets of Heat, Water and Salt 111
5.1 The measurement of heat budgets at the surface 111
5.2 Observations of surface heat fluxes and budgets 117
5.3 The measurement of the water budget 126
5.4 Observations of the water budget 127
5.5 The salt budget of the ocean 131
5.6 Temperature and salinity relationships in the ocean 134
5.7 Tracers in the ocean 141

6 Observations of Winds and Currents 147
6.1 Measurement of winds and currents 147
6.2 Scales of motion in the atmosphere and ocean 159
6.3 Time averaged circulation 164
6.4 Time-dependent motion 175

7 The Influence of the Earth’s Rotation on Fluid Motion 181
7.1 An introduction to the Earth’s rotation 181
7.2 Inertial motion 184
7.3 Pressure gradients and geostrophic motion 187
7.4 Vorticity and circulation 197
7.5 The atmosphere and ocean boundary layers 206
7.6 Equatorial winds and currents 210

8 Waves and Tides 219
8.1 The spectrum of surface waves 219
8.2 Wind waves and swell 223
8.3 Long waves 230
8.4 Internal waves 234
8.5 Ocean tides 237
8.6 Storm surges 244
8.7 Atmospheric waves and tides 249

9 Energy Transfer in the Ocean-Atmosphere System 253
9.1 Modes of energy in the ocean–atmosphere system 253
9.2 The kinetic energy of the atmosphere and ocean 259
9.3 Mechanisms of kinetic energy transfer 262
9.4 General circulation of the atmosphere 271
9.5 General circulation of the ocean 277

10 Mathematical Modelling of the Ocean and Atmosphere 283
10.1 Introduction 283
10.2 Scientific modelling: A simple model

of the surface layer of the ocean 284



Contents vii

10.3 A dynamical model of the ocean surface layer 288
10.4 Numerical solutions of mathematical models 291
10.5 Numerical solutions for momentum on a rotating Earth 293
10.6 Atmospheric and climate general circulation models 295
10.7 Global ocean models 301
10.8 Observations of the ocean and atmosphere 305

11 Atmosphere-Ocean Interaction 315
11.1 Air-sea interaction: An introduction 315
11.2 Seasonal anomalies of the ocean-land-atmosphere system 322
11.3 Interannual fluctuations in the ocean-atmosphere system 326
11.4 Decadal variations in the ocean-atmosphere system 332

12 Climate Change 337
12.1 Past climate observations 337
12.2 Mechanisms of climate change 341
12.3 Current climate change 346
12.4 Understanding recent climate change 350
12.5 Predicting future climate 351

Problems 353
Glossary 369
General Reading 377
Further Reading and References 379
Figure Sources 385
Appendices

A Standard International (SI) Units 391
B SI Unit Prefixes 391

Index 393





Series Foreword

Advances in Weather and Climate

Meteorology is a rapidly moving science. New developments in weather fore-
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textbooks, by which time the science itself has moved on. At the same time,
the underpinning principles of atmospheric science are well understood but
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and exciting observations and the underlying patterns of climate change that
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new developments in the science into a unified set of books suitable for
undergraduate and postgraduate study as well as being a useful resource for
the professional meteorologist or Earth system scientist. New developments in
weather and climate sciences will be described together with a comprehensive
survey of the underpinning principles, thoroughly updated for the 21st
century. The series will build into a comprehensive teaching resource for the
growing number of courses in weather and climate science at undergraduate
and postgraduate level.
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Preface to the Third Edition
The third edition of The Atmosphere and Ocean is a major revision of the material
in previous editions to reflect the very significant changes in the subject. In
particular chapters on mathematical modelling and climate change have been
added to the new edition. Furthermore, problems and their solutions have
been provided for each chapter, which some readers may find useful.

The book is not an exhaustive account of the subject but reflects my interests
over the last 40 years in teaching and research of the ocean and atmosphere. I
hope it may continue to instil enthusiasm and fascination for a subject which
continues to challenge humankind in the 21st century.

I wish to thank the following people: Kate Davis for the drafting and
improvement of the figures, Helen Wells for suggesting improvements to the
earlier chapters, and Jenny Wells for careful checking of the final manuscript.

Finally I would like to thank the team at John Wiley, both in Chichester,
U.K. and Singapore, who have provided a high level of professional support
during the development and the production of this edition.





1
The Earth within the Solar System

1.1 The Sun and its constancy

Any account of the Earth’s atmosphere and ocean cannot be regarded as
complete without a discussion of the Sun, the solar system and the place
of the Earth within this system. The Sun supplies the energy absorbed by
the Earth’s atmosphere-ocean system. Some of Sun’s energy is converted
directly into thermal energy, which drives the atmospheric circulation. A
small portion of this energy appears as the kinetic energy of the winds which,
in turn, drives the ocean circulation. Some of the intercepted solar energy is
transformed by photosynthesis into biomass, a large proportion of which is
ultimately converted into heat energy by chemical oxidation within the bodies
of animals and by the decomposition and burning of vegetable matter. A very
small proportion of the photosynthetic process produces organic sediments
which may eventually be transformed into fossil fuels. It is estimated that
the solar radiation intercepted by the Earth in seven days is equivalent to the
heat that would be released by the combustion of all known reserves of fossil
fuels on the Earth. The Sun, therefore, is of fundamental importance in the
understanding of the uniqueness of the Earth.

The Sun is a main sequence star in the middle stages of its life and was
formed 4.6 × 109 years ago. It is composed mainly of hydrogen (75% by mass)
and helium (24% by mass); the remaining 1% of the Sun’s mass comprises
the elements oxygen; nitrogen; carbon; silicon; iron; magnesium and calcium.
The emitted energy of the Sun is 3.8 × 1026 W and this energy emission arises
from the thermonuclear fusion of hydrogen into helium at temperatures
around 1.5 × 107 K in the core of the Sun.

In the core, the dominant constituent is helium (65% by mass) and the
hydrogen content is reduced to 35% by mass as a direct result of its consump-
tion in the fusion reactions. It is estimated that the remaining hydrogen in
the Sun’s core is sufficient to maintain the Sun at its present luminosity and
size for a further 4 × 109 years. At this stage it is expected that the Sun will
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2 The Atmosphere and Ocean

expand into a red giant and engulf all of the inner planets of the solar system
(i.e. Mercury, Venus, Earth and Mars).

There exists a high-pressure gradient between the core of the Sun and its
perimeter, and this is balanced by the gravitational attraction of the mass
of the Sun. In the core, the energy released by the thermonuclear reaction
is transported by energetic photons but, because of the strong absorption
by peripheral gases, most of these photons do not penetrate to the surface.
This absorption causes heating in the region outside the core. In contrast, the
outer layers of the Sun are continually losing energy by radiative emission
into space in all regions of the electromagnetic spectrum. This causes a large
temperature gradient to develop between the surface and the inner region
of the Sun. This large temperature gradient produces an unstable region and
large scale convection currents are set up that transfer heat to the surface of
the Sun. The convection currents are visible as the fine grain structure, or
granules, in high resolution photos of the Sun’s surface. It is thought that the
convection currents have a three-tier structure within the Sun. The largest
cells, 200 × 103 km in diameter are close to the core. In the middle tier the
convection cells are about 30 × 103 km in diameter and at the surface they
are 1 × 103 km. The latter cells have a depth of 2000 km. In each cell, hot gas
is transported towards the cooler surface, whilst the return flow transports
cooler gases towards the interior.

Almost all of the solar radiation emitted into space, approximately 99.9%,
originates from the visible disc of the Sun, known as the photosphere. The
photosphere is the region of the Sun where the density of the solar gas is
sufficient to produce and emit a large number of photons, but where the
density of the overlying layers of gas is insufficient to absorb the emitted
photons. This region of the Sun has a thickness of approximately 500 km but
no sharp boundaries can be defined. The radiative spectrum of the Sun, when
fitted to a theoretical black body curve, gives a black body temperature of
6000 K, although the effective temperature, deduced from the total energy
emitted by the Sun, gives a lower temperature of 5800 K.

The photosphere is not uniform in temperature. The lower regions of the
photosphere have temperatures of 8000 K, whilst the outer regions have
temperatures of 4000 K. Furthermore, the convection cells produce horizontal
temperature variations of 100 K between the ascending and descending
currents of solar gas. Larger convection cells also appear in the photosphere
and they have diameters of 30 000 km. They appear to originate from the
second tier of convection within the Sun. The appearance of sunspots gives
rise to horizontal variations of 2000 K within the photosphere. The inner
regions of the sunspots have black body temperatures of 4000 K. Sunspots
have diameters of 10 000–150 000 km and they may last for many weeks. It
is thought that the ‘sunspot’ causes a localised suppression of the convection
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and therefore leads to a reduction in the transfer of heat into the photosphere
from the interior. However, although the sunspot features are dramatic, they
occupy less than 1% of the Sun’s disc and therefore the effect on the luminosity
of the Sun is small.

Beyond the photosphere lies the chromosphere where the temperature
decreases to a minimum of 4000 K at 2000 km above the photosphere and
then increases sharply to a temperature of 106 K at a height of 5000 km in the
region of the corona. However, because of the low density of the gas in this
region, the radiation emitted from the chromosphere and the corona only
amount to 0.1% of the total radiation from the Sun.

These different temperature zones of the Sun can be observed in the solar
spectrum (Figure 1.1). The visible and infra-red radiation emitted from the
photosphere follow reasonably closely the black body curve for a temperature
of 5800 K. However, substantial deviations from the theoretical curve occur in
the X-ray and radio wavebands, and lesser deviations occur in the ultraviolet
spectrum. The high temperature of the corona is responsible for the intense
X-ray band, whilst the high radio frequency energy is associated with the
solar wind and solar activity. However, the energy in these wavebands is
a negligible fraction of the total emitted energy and therefore these very
variable regions of the spectrum have little direct influence on the total
solar energy received on the Earth. The depletion of energy in the ultraviolet
spectrum is the result of emission at a lower temperature than the photosphere
and therefore probably originates in the temperature minimum of the lower
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Figure 1.1 Solar spectrum and blackbody curve: energy distribution of the Sun and a black body
at 5800 K. Reproduced, with permission, from Allen, C.W., 1958, Quarterly Journal of the Royal
Meteorological Society, 84: page 311, figure 3



4 The Atmosphere and Ocean

chromosphere. Recent observations have shown that the ultraviolet energy
is not constant and shows considerable variability in the short-wave part
of the spectrum amounting to 25% of its average value at 0.15 µm, and 1%
at 0.23 µm. Again, the amount of energy in this band is relatively small
and contributes less than 0.1% of the total energy. Furthermore, satellite
observations of the solar spectrum since 1978 have demonstrated a 0.1%
variation of the solar output over the 11 year sunspot cycle. These variations
are rather small when compared to those produced by orbital variations of the
Earth around the Sun.

1.2 Orbital variations in solar radiation

Let S be the total solar output of radiation in all frequencies. At a distance, r,
from the centre of the Sun, imagine a sphere of radius r on which the flux of
radiation will be the same (assuming the radiation from the Sun is equal in
all directions). If the flux of radiation per unit area at a distance r is given by
Q(r), then the total radiation on the imagined sphere is 4πr2Q(r).

In the absence of additional energy sources to the Sun

S = 4πr2 Q(r) (1.1)

Rearranging:

Q(r) = S
4πr2 (1.2)

In practice, the solar radiation cannot be measured at the Sun but it can be
measured by satellites above the Earth’s atmosphere. Recent determinations
of the flux of radiation per unit area, Q, give a value of 1360 W m−2. Given
that the Earth is approximately 1.5 × 1011 m away from the Sun, S can be
calculated to be 3.8 × 1026 W.

Though S is the true solar constant, in meteorology Q is defined as the solar
constant of the Earth. Table 1.1 shows the value of the solar constant obtained
for other planets in the solar system. It is noted that the dramatic changes in
the solar constant between the Earth and our nearest planetary neighbours,
Mars and Venus, merely serve to highlight the uniqueness of the position
of the Earth in the solar system. At the radius of Pluto (some 39 Earth-Sun
distances), the flux of the radiation from the Sun is less than 1 W m−2.

The radiation incident on a spherical planet is not equal to the solar constant
of the planet. The planet intercepts a disc of radiation of area πa2, where a
is the planetary radius, whereas the surface area of the planet is 4πa2. Hence
the solar radiation per unit area on a spherical planet is

Qπa2

4πa2 = Q
4

(1.3)
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Table 1.1 Radiative properties of terrestrial planets. Q is the solar
irradiance at distance r from the Sun, α is the planetary albedo, Te is the
radiative equilibrium temperature and Ts is the surface temperature

r(I09m) Q(W m−2) α Te(K) Ts(K)

Venus 108 2623 0.75 232 760
Earth 150 1360 0.30 255 288
Mars 228 589 0.15 217 227

The average radiation on the Earth’s surface is 340 W m−2. The above
discussion assumes the total absence of an atmosphere and that the Earth is
a perfect sphere in a spherical orbit.

The three geometrical factors which determine the seasonal variation of
solar radiation incident on the Earth are shown in Figure 1.2. The Earth
revolves around the Sun in an elliptical orbit, being closest to the Sun, i.e.
at perihelion, about 4 January and farthest from the Sun, i.e. at aphelion,
on 4 July. The eccentricity, represented by the symbol e, of the present day
orbit is 0.017. At aphelion, it can be shown that

raphelion = (1 + e)r

where r is the mean distance between the Earth and the Sun.
As the incident radiation is inversely proportional to the square of the

Earth’s distance from the Sun, it can also be shown that, at aphelion, the
radiation received by the Earth is 3.5% less than the annual average, whilst

Equinox Earth

Solstice

Equinox

Sun

Normal to plane of the ecliptic

Solstice

Plane of Earth's
axial tilt

Spin axis of
Earth

P A

TiltOrbit

Figure 1.2 Geometry of the Earth–Sun system. The Earth’s orbit, the large ellipse with major
axis AP and the Sun at one focus, defines the plane of the ecliptic. The plane of the Earth’s axial
tilt (obliquity) is shown passing through the Sun corresponding to the time of the southern summer
solstice. The Earth moves around its orbit in the direction of the solid arrow (period one year) whilst
spinning about its axis in the direction shown by the thin curved arrows (period one day). The broken
arrows shown opposite the points of aphelion (A) and perihelion (P) indicate the direction of the very
slow rotation of the orbit. Reproduced, with permission, from Pittock, A.B. et al. eds, 1978, Climate
Change and Variability: A Southern Perspective, Cambridge University Press: page 10, figure 2.1
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at perihelion it is 3.5% greater than the annual average. Therefore the total
radiation incident on the Earth over the course of one year is independent
of the eccentricity of the Earth’s orbit. The long-term variation in eccentricity
indicates changes of 0.005–0.060 occurring with a period of 100 000 years.
This would produce changes of up to 10% in the radiation incident on the
surface of the Earth at perihelion and aphelion.

However, the angle of tilt (ε) of the Earth with respect to the plane of
rotation of the Earth’s orbit, i.e. the obliquity of the ecliptic, is the dominant
influence on the seasonal cycle of solar radiation (Figure 1.3). It not only
determines the march of the seasons, but it is also important in determining
the latitudinal distribution of the climatic zones. At the present time, the
angle is 23.5o, which is similar to the obliquity of Mars. It can be shown
that the amplitude of the seasonal variation in the solar radiation is directly
proportional to the obliquity. If the obliquity were reduced, there would be
a reduction in the amplitude of the seasonal solar radiation cycle, and if
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the obliquity were zero, the seasonal variation would depend solely on the
eccentricity of the orbit.

The obliquity has varied between 22o and 24.5o over the past million years
and this variation has a total period of 41 000 years. Such variations cannot
influence the total radiation intercepted by the Earth, but they will exert an
influence on the seasonal cycle.

The third parameter which affects the seasonal cycle is the longitude of the
perihelion, measured relative to the vernal equinox. It precesses by 360o in a
period of 21 000 years. Therefore, in about 10 500 years’ time, the Earth will
be closest to the Sun in July and farthest away in January.

The sensitivity of the global temperature to the seasonal cycle, which arises
from ice, cloud and ocean feedback processes, indicates that these changes
may be sufficient to initiate long term changes in climate and, in the most
extreme cases, ice ages (Figure 1.4).
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Milankovitch, a Serbian scientist, recognized the relationship between the
variations in the Earth’s orbit around the Sun and climate change over the last
two million years. In particular, he determined the orbital conditions which
would lead to the initiation of an ice age over the Northern Hemisphere
continents. He reasoned that a reduction in solar radiation during the polar
summer would lead to a reduction in summer melting of the snow cover.
This, in turn, over many years, would lead to the build up of ice over the
continents. The optimum orbital conditions for this reduction in the summer
solar radiation are:

(i) That aphelion occurs during the Northern Hemisphere summer.
(ii) That the eccentricity be large, to maximise the Earth–Sun separation at

aphelion.
(iii) That the obliquity be small.

These three factors would act to decrease the amplitude of the solar
radiation cycle and therefore reduce the solar radiation in summer at high
latitudes in the Northern Hemisphere. However, all of these factors would
tend to lead to an increase in solar radiation in the Northern Hemisphere
winter. Comparison of the orbital parameters with long term temperature
records, deduced from the dating of deep ocean sediment cores, indicate that
there is a good statistical agreement with the theory.

1.3 Radiative equilibrium temperature

The inner planets of the solar system have one common attribute – the
lack of a major source of internal energy. It is, of course, true that there
is a steady geothermal flow of energy from the interior of the Earth as a
result of radioactive decay in the Earth’s core, but this energy flow is less
than 0.1 W m−2 and can be compared with an average solar heat flux of
340 W m−2. What, then, is the fate of this steady input of solar energy?
On average, about 30% is scattered back into space by clouds; snow; ice;
atmospheric gases and aerosols, and the land surface, leaving 70% available
for the heating of the atmosphere, the ocean and the Earth’s surface. However,
the annual average of the Earth’s temperature has not changed by more
than 1 K over the past 100 years. Why, then, have the temperatures of
the atmosphere and ocean not increased? The observation that both the
temperatures of the atmosphere and the ocean have remained relatively
constant implies that energy is being lost from the ocean, the atmosphere and
the Earth’s surface at approximately the same rate as it is being supplied by
the Sun. The only mechanism by which this heat can be lost is by the emission
of electromagnetic radiation from the Earth’s atmosphere into space. If it
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is assumed that the Earth can be represented by a black body, then it is
possible to apply Stefan’s law to the electromagnetic emission of the Earth.
Stefan’s law states that the total emission of radiation from a black body over
all wavelengths is proportional to the fourth power of the temperature, i.e.
E = σT4, where σ is the Stefan – Boltzmann constant. For the emission by the
Earth of an amount of radiation equal to that received from the Sun, there
can be defined a radiative equilibrium temperature, Te.

If Q/4 is the energy flux from the Sun and α is the fraction of solar radiation
reflected back into space, known as the planetary albedo, then for the Earth’s
system in thermal equilibrium:(

Q
4

)
(1 − α) = σT4

e (1.4)

where σ = 5.67 × 10−8 W m−2 K−4. By inserting α = 0.3 and Q/4 = 340 W m−2,
a radiative temperature of 255 K or −18◦C can be calculated.

This temperature is lower than might be expected. The mean surface
temperature of the Earth is 15oC, or 288 K, and so it is clear that the
radiative temperature bears little direct relationship to the observed sur-
face temperature. This is because most of the planetary radiation is emitted
by the atmosphere, whilst only a small fraction originates from the surface
of the Earth. The temperature of the atmosphere decreases by 6.5 K km−1 from
the surface to the tropopause, 10 km above the Earth’s surface, and therefore
the radiative equilibrium temperature corresponds to the temperature at a
height of 5 km.

The Wien displacement equation enables the calculation of the wavelength
of maximum radiation, λmax, and it states that

λmaxT = 2897 µm K (1.5)

If the radiative temperature, Te = 255 K, is substituted in this equation, then
λmax is calculated to be approximately 11 µm, which lies in the middle part of
the infra red spectrum. In this region of the electromagnetic spectrum, water
and carbon dioxide have large absorption bands so that all substances con-
taining water are particularly good absorbers of radiation in the middle infra
red. As far as emission is concerned, water has an emissivity of 0.97, which
means that it emits radiation at the rate of 97% of the theoretical black body
value. Hence clouds, which are composed mainly of water droplets, are good
infra red emitters. The prevalence of liquid water and water vapour in the
Earth’s atmosphere therefore leads to the strong absorption and re-emission
of radiation. This ability of water to absorb and re-emit radiation back to the
Earth’s surface results in the higher observed mean surface temperature. If
the atmosphere was transparent to the emitted planetary radiation, then the
surface temperature would be close to the radiative equilibrium temperature.
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The temperature of the surface of a planet without an atmosphere, such
as Mercury, would be observed to have a surface equilibrium temperature
equal to that of the radiative equilibrium temperature. Table 1.1 shows the
radiative equilibrium temperatures for Mars and Venus, as well as their
surface temperatures. The surface temperatures are higher than the radiative
temperatures. On Mars the atmospheric mass is smaller than that of Earth
by two orders of magnitude and therefore, though carbon dioxide absorbs
and re-emits planetary radiation back to the surface, a surface warming of
only 19 K is produced. However, on Venus the surface temperature of 760 K
is sufficient to melt lead, in spite of the fact that the radiative equilibrium
temperature is less than that of the Earth. This low radiative equilibrium
temperature is caused by the reflection of 77% of the incident solar radiation
back into space by the omnipresent clouds, which are not composed of water
droplets as they are on Earth. Therefore, although the planet receives less
net solar radiation than the Earth, it has a surface temperature 472 K higher.
This is the result of the massive carbon dioxide atmosphere, which absorbs
virtually all of the radiation emitted by the surface and re-emits it back to the
surface. Furthermore, it is known that clouds of sulphuric acid also enhance
this warming effect.

The ability of an atmosphere to maintain a surface temperature above
the radiative equilibrium temperature is commonly known as the
‘greenhouse effect’.

It is clear that, although the distance from the Sun determines the energy
incident on an atmosphere, the mass and the constituents of that atmosphere
are also important factors in the determination of the surface temperature of
the planet.

1.4 Thermal inertia of the atmosphere

The thermal inertia of the atmosphere gives an indication of how quickly
the atmosphere would respond to variations in solar radiation and it is
therefore of importance in the understanding of climatic change. Consider an
atmosphere having a mass M, per unit area, and a specific heat at constant
pressure, Cp. The thermal inertia of the atmosphere is MCp.

Initially, the atmosphere is in thermal equilibrium and therefore the solar
radiation absorbed by the atmosphere is in balance with the emission of long
wave planetary radiation into space (equation 1.4).

Now consider a situation where heat is suddenly added to the atmosphere,
for example, as the result of burning fossil fuels or by a large thermonuclear
explosion. How long would the atmosphere take to regain its former equilib-
rium? If all the heat were liberated at the same time, then the atmosphere’s
temperature would increase suddenly by �T. The planetary radiation emitted
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into space would now be σ (Te + �T)4 and therefore more radiation would be
emitted than received from the Sun. This deficit implies that the atmosphere
would cool. The rate of temperature change, dT/dt, is proportional to the net
difference between the emitted planetary radiation and the solar radiation
and thus:

MCp
dT
dt

= −σ (Te + �T)4 + Q
4

(1 − α)

Rearranging and substituting from equation 1.4:

MCp
dT
dt

= −σT4
e

(
1 + �T

Te

)4

+ σT4
e

Expanding by the binomial expansion

MCp
dT
dt

= −σT4
e

(
1 + 4�T

Te
+ 6

[
�T
Te

]2

+ 4
[
�T
Te

]3

+
[
�T
Te

]4
)

+ σT4
e

Providing that �T/Te � 1, then the higher order terms in the above
expression can be neglected. Therefore, retaining only the first order terms:

MCp
dT
dt

= −σT4
e

4�T
Te

Since T = Te + �T, where Te is independent of time, then:

dT
dt

= d�T
dt

Hence:

d�T
dt

= −
(

4σT3
e

MCp

)
�T (1.6)

The solution of the above equation is:

�T(t) = �T0 exp(−t/τ ) (1.7)

where �T0 is the initial temperature perturbation at t = 0 and τR is known as
the radiation relaxation time constant.

τR = MCp

4σT3
e

(1.8)

For Earth’s atmosphere, where M = 10.316 × 103kg m−2, σ = 5.67 ×
10−8 W m−2 K−4, Cp = 1004 J kg−1 K−1 and Te = 255 K, τR can be calculated to
be 2.7 × 106s or 32 days.
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From equation 1.7:

�T = �T0e−1 at t = τR

�T = �T0e−2 at t = 2τR

�T = �T0 e−3 at t = 3τR

For an initial temperature perturbation of 1 K, equivalent to the instanta-
neous burning of 160 × 109 t of coal, then after approximately 32 days, the
temperature perturbation will be reduced to 0.37 K; after 65 days it will be
0.13 K and after 96 days it will be 0.05 K. For the Earth’s atmosphere, therefore,
the colossal excess of heat will be lost by planetary radiation to space within
100 days and the Earth’s radiative equilibrium will be restored.

Although this particular problem is hypothetical, the concept is a useful
one for understanding the response of the atmosphere to changes in the
radiative balance caused by daily and seasonal variations in solar radiation.
For instance, because the radiative time constant is much greater than 1 day,
the lower part of the Earth’s atmosphere (wherein is located the major part
of the mass of the atmosphere) does not respond significantly to the daily
variation in solar radiation. However, for seasonal variations, where the solar
radiation changes are of a longer period than the radiative time constant, there
will be a significant response in the radiation temperature of the atmosphere.

Table 1.2 shows a comparison of the radiative time constants of Mars,
Venus and the Earth. On Mars, because of the small thermal inertia, the
diurnal variation of temperature at the surface is very large and, as a result,
large thermal tides are set up in the atmosphere.

This phenomenon is also found in the upper reaches of the Earth’s atmo-
sphere, where the atmospheric mass is small and the thermal capacity is
reduced. However, on Venus the diurnal variation in temperature is only
1–2 K because of the very large radiative time constant, even though the
Venusian day is 243 Earth days long.

It must, of course, be remembered that the seasonal change in temperature
on Earth is modified by the thermal capacity of the ocean. The thermal capac-
ity of the atmosphere is equivalent to 2.6 m of sea water, and therefore it can
be seen that the thermal capacity of the ocean is equivalent to approximately

Table 1.2 Radiative time constant, τR for the terrestrial planets. Cp is the specific heat
at constant pressure, p is the surface pressure and g is the acceleration due to gravity

Cp(J kg−1 K−1) p(hPa) g(m s−2) τR(days)

Venus 830 93 000 8.9 3550
Earth 1004 1013 9.8 32
Mars 830 6 3.7 1
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1600 atmospheres. However, during the seasonal cycle, only the upper 100 m
of the ocean is affected significantly and therefore the thermal capacity is
equivalent to only 38 atmospheric masses, giving a thermal relaxation time of
approximately 3.5 years. This simple sum suggests that the ocean is respon-
sible for a major modification of the seasonal cycle of temperature in the
atmosphere. An example of the oceanic influence is shown in Figure 1.5.
The flux of the long wave radiation from the top of the atmosphere gives
an indication of the seasonal change in temperature. In the Northern Hemi-
sphere, where the largest ratio of continents to land exists (Figure 1.10 shows
about 70% is land at 60oN), there is a large change of approximately 40 K in
the radiation temperature during the seasonal cycle, whilst in the Southern
Hemisphere between 30o and 60oS, where the continental area is less than
10%, there is only a small change in radiation temperature during the year.
The most continental region benefits from amelioration in its seasonal climate
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Figure 1.5 Seasonal variation of the zonal mean long-wave radiation flux, W m−2, measured
by satellite from July 1975 to December 1976. A flux of 260 W m−2 corresponds to a radiation
temperature of 260 K, whilst a flux of 160 W m−2 is equivalent to a temperature of 230 K. Reproduced,
with permission, from Jacobowitz, H. et al., 1979, Journal of Atmospheric Science, 36: page 506,
figure 6
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brought about by the ocean. Even in Siberia, the winters are not as severe as
they would be if the ocean did not exist.

1.5 Albedo

The planetary albedo is the ratio of the reflected (scattered) solar radiation
to the incident solar radiation, measured above the atmosphere. As this
reflected radiation is lost immediately from the Earth-atmosphere system,
the accurate determination of planetary albedo is important in the calculation
of the amount of solar radiation absorbed by the system, and therefore the
climate of the Earth. On average, the global albedo is 30% (±2%). This value
has been determined from a number of satellite measurements over a period
of many years. The global albedo is not constant but varies on both seasonal
and interannual time scales by approximately 2%. Observations have shown
that the albedo is a maximum in January and a minimum in July. If the
cloud and surface distributions were similar in both hemispheres, then no
annual variation would be expected. However, because of the large seasonal
cycle in snow extent over the Northern Hemisphere continents, particularly
over the Eurasian land mass, and the seasonal cycle of cloud in the Northern
Hemisphere, the global albedo has a seasonal component.

The latitudinal variation in albedo is determined by:

(i) The elevation of the Sun.
(ii) The distribution and type of cloud.
(iii) The surface albedo.

At latitudes less than 30o, the planetary albedo is relatively constant at
25% but it then increases with latitude to a maximum value of 70% over the
Poles. However, because the polar regions occupy less than 8% of the Earth’s
surface, the value of the global albedo is weighted to the albedo of the middle
and low latitudes. It is noted that the latitude distributions in the albedo in
the Northern and Southern Hemispheres are similar, despite the difference
in land and sea distribution between the two hemispheres. This indicates
that the cloud distributions in both hemispheres have a dominant influence
over the surface variations in albedo in determining the planetary albedo
(see Figure 1.6).

The long term latitudinal variation in absorbed solar energy and the emitted
planetary variation are depicted in Figure 1.7a. The absorbed solar energy
has a maximum value of 300 W m−2 in low latitudes. The planetary radiation,
which is dominated by emission from the lower troposphere, shows a decrease
with latitude that occurs at a slower rate than the decrease in absorbed solar
radiation. If the atmosphere were in radiative balance at each latitude, the
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Figure 1.6 Planetary and surface albedo (%) expressed as a function of latitude. The planetary albedo
is the fraction of incident solar energy reflected back into space, by the atmosphere and the Earth’s
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two curves should be identical. However, the solar absorption exceeds the
planetary emission between 40oN and 40oS, and therefore there is a net excess
in low latitudes and a net deficit at high latitudes (i.e. poleward of 40o). This
latitudinal imbalance in radiation implies that thermal energy (heat) must be
transferred from low to high latitudes by the circulation of the atmosphere
and ocean. In effect, the atmosphere and oceanic circulations are maintaining
higher atmospheric temperatures polewards of 40o than can be maintained
by solar absorption.

To obtain the transport of heat by the atmosphere and ocean, the net
radiation at each latitude, i.e. the difference between the absorbed solar
radiation and the emitted planetary radiation, is integrated from pole to pole
(Figure 1.7b). Thus, it is possible to determine the poleward transport of heat
from satellite radiation measurements, but it is not possible to distinguish
what proportion of heat is transferred by the atmosphere and what proportion
by the ocean. It is noted that the maximum transfer of heat occurs between
30o and 40o of latitude and is approximately 5 × 1015 W.

Seasonal variations in the surface albedo are significant, particularly in
the middle and high latitudes of the Northern Hemisphere, and arise from
changes in snow and cloud cover. At 60oN the albedo varies from 65% in
February to less than 40% in July, as a result of the seasonal variation in snow
cover. In the Southern Hemisphere the seasonal cycle is not so pronounced
but a minimum in albedo can be observed in March at 60oS, which is probably
associated with the minimum sea ice extent around Antarctica. The emitted
planetary radiation shows a strong asymmetry between the Southern and
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Climate Change and Variability: A Southern Ocean Perspective, Cambridge University Press: page 12,
figure 2.1.2

the Northern Hemispheres, which is the result of the different land-sea
distributions in each hemisphere.

The net radiation budget, illustrated in Figure 1.8, indicates substantial
seasonal variation as the result of the seasonal solar distribution. The zero
contour varies from 15o to 70o latitude, thus showing that the zone for
maximum heat transport will also vary during the seasonal cycle. The
maximum net radiation gain varies between 30oS and 30oN, and is larger in
the Southern Hemisphere than in the Northern Hemisphere.

The surface albedo, as has been shown, makes an important contribution
to the planetary albedo although the cloud distribution is, without doubt, the
dominant influence. However, the amount of solar radiation absorbed by the
surface, and therefore the surface temperature, are strongly influenced by


